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Abstract13

Climate models consistently project a robust weakening of the Indonesian Throughflow14

(ITF) and the Atlantic Meridional Overturning Circulation (AMOC) in response to green-15

house gas forcing. Previous studies of ITF variability have largely focused on local pro-16

cesses in the Indo-Pacific basin. Here, we propose that much of the centennial-scale ITF17

weakening is dynamically linked to changes in the Atlantic basin, and communicated be-18

tween basins via wave processes. In response to an AMOC slowdown, the Indian Ocean19

develops a northward surface transport anomaly that converges mass and modifies sea sur-20

face height in the Indian Ocean, which weakens the ITF. We illustrate these dynamic inter-21

basin connections using a 1.5-layer reduced gravity model and then validate the responses22

in a comprehensive general circulation model. Our results highlight the importance of23

transient volume exchanges between the Atlantic and Indo-Pacific basins in regulating the24

global ocean circulation in a changing climate.25

Plain Language Summary26

The Indonesian Throughflow (ITF) is a key component of the global ocean circu-27

lation. By exchanging water between the low-latitude Indian and Pacific Oceans, the ITF28

has been suggested to play an important role in shaping global warming patterns in re-29

sponse to greenhouse gas forcing. Climate models consistently project the ITF strength to30

decline in the 21st century. Traditionally, changes in the strength of the ITF have been at-31

tributed to local processes, such as changes in precipitation and atmospheric winds. Here32

we suggest that remote processes can also have a significant impact on ITF variability. In33

particular, we show that the projected weakening in the ITF during the 21st century could34

be tied to changes in the Atlantic Meridional Overturning Circulation (AMOC). Through35

this transient version of the ocean’s conveyor belt circulation, changes in the high-latitude36

North Atlantic (e.g., Arctic sea ice melt) can affect the climate in the low-latitude Indo-37

Pacific Ocean. An intriguing corollary is the potential to use the ITF to monitor or inter-38

pret long-term trends in the AMOC.39

1 Introduction40

As the only low-latitude oceanic pathway for freshwater and heat exchange between50

major ocean basins today, the Indonesian Throughflow (ITF) is an important component51

of the climate system [e.g., Godfrey, 1996; Schneider, 1998; Gordon, 2005; Lee et al.,52

–2–



Confidential manuscript submitted to Geophysical Research Letters

25 50 75 100 125 150 175 200

Longitude (deg)

-60

-40

-20

0

20

40

60

L
at
it
u
d
e
(d
eg
)

Southern Ocean transformation

NADW

(a)

0.0 0.1

τ (Nm−2)

-60

-40

-20

0

20

40

60

(b)

Atlantic Pacific

Indian

Isopycnal deepening Upper layer response to a reduced NADW formation rate

δTATL < 0 δTIND > 0 δTPAC ≈ 0

δTITF < 0

δTNADW < 0

Figure 1. (a) Schematic of the 1.5-layer reduced gravity model and (b) wind stress forcing (N m−2) applied

to the reduced gravity model, described in section 2.1. The gray thick arrows show the response of the upper

layer transport to a reduced North Atlantic Deep Water (NADW) formation rate. The signs of the transport

response across the southern boundary of the basins at 30◦S (black dashed line) in each basin (positive means

northward) and the ITF response (positive means transport from the Pacific Ocean to the Indian Ocean) are

indicated. The crossed circles represent a deepening of the interface between the upper and lower layers in

response to the reduced NADW formation rate. The red dotted line shows the integration path of the Island

Rule (section 2). Hatched regions are areas of parameterized water mass transformation as described in

Section 2.1.
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2015]. Climate models consistently project a weakening of the ITF in response to en-53

hanced greenhouse gas forcing [e.g., Hu et al., 2015; Sen Gupta et al., 2016; Feng et al.,54

2017]. In this study, we show that the Atlantic Meridional Overturning Circulation (AMOC),55

which climate models also consistently project to decline in a warming climate [Cheng56

et al., 2013; Weijer et al., 2020], may be a primary cause of the ITF weakening over cen-57

tennial timescales. This link between the AMOC and the ITF highlights that dynamical58

processes governing inter-basin transport and exchange are critical for representing the59

transient behavior of the global ocean overturning circulation (Figure 1a).60

The ITF transport, a westward flow sustained by a lateral pressure gradient between61

the western Pacific (high sea surface hight) and the eastern Indian Ocean (low sea sur-62

face height) [Wyrtki, 1987], varies over a range of timescales [e.g., Gordon, 2005; Feng63

et al., 2018; Sprintall et al., 2019]. On short timescales, from subseasonal to decadal, low-64

latitude surface forcing, including surface wind stress forcing and precipitation, dominates65

ITF transport variability [e.g., Meyers, 1996; Sprintall et al., 2009; Hu and Sprintall, 2017;66

Lee et al., 2019]. On longer timescales, decadal to centennial, the basin-scale wind stress67

curl determines the sea surface height distribution, which provides a strong constraint on68

the ITF transport through the Island Rule [Godfrey, 1989], described in Section 2. This69

decadal timescale arises from the transit time for first-mode baroclinic Rossby Waves to70

cross the Pacific Ocean [Godfrey, 1996]. Critically, changes to the surface wind stress in71

response to greenhouse gas forcing are too small to account for the projected centennial72

changes in ITF transport in climate models [Hu et al., 2015; Sen Gupta et al., 2016; Feng73

et al., 2017]. Instead, the centennial ITF weakening has been attributed to a reduction in74

diapycnal upwelling below the thermocline in the Pacific Ocean [Feng et al., 2017]. Here,75

we argue that this interpretation is inconsistent with the processes modifying the Pacific76

stratification, which are better described by an adiabatic downward displacement of isopy-77

cnals. The deepening of Pacific isopycnals is a result of a weakened ITF responding to a78

variable AMOC.79

Gordon [1986] first highlighted the ITF as a critical pathway for upwelled Pacific80

Deep Water (PDW) to return to the Atlantic Ocean, closing the global ocean overturning81

circulation. The classical “conveyor belt” analogy of the global ocean overturning circu-82

lation [Broecker et al., 1991] highlights connections between the ITF and the AMOC in83

the mean state. However, later observational studies suggested that deep waters, including84

PDW, mainly return to the surface via along-isopycnal pathways in the Southern Ocean85
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[e.g., Marshall and Speer, 2012]. In this paradigm, the ITF is relegated to a component86

of the circum-Australia circulation with a small role in the global overturning circula-87

tion [Sloyan and Rintoul, 2001; Rousselet et al., 2020]. Thus, most studies of ITF transport88

variability have focused on local processes in the Indo-Pacific basin [e.g., Godfrey, 1996;89

Feng et al., 2018; Sprintall et al., 2019]. Although the “conveyor belt” is not an accurate90

representation of the mean-state global ocean overturning circulation, here we argue that it91

is a key component of the overturning’s transient response to surface forcing perturbations.92

The dynamics of transient, inter-basin exchange between Atlantic and Indo-Pacific93

basins were recently discussed by Sun et al. [2020]: in response to a weakened AMOC94

and an associated southward surface transport anomaly (δTATL < 0), the Indo-Pacific95

develops a northward surface transport anomaly (δTIP > 0) that opposes changes in the96

Atlantic. The Indo-Pacific almost fully compensates AMOC changes on decadal to centen-97

nial timescales, quantified as a time-dependent inter-basin compensation, −δTIP/δTATL,98

that peaks at around 0.8. Modifications to Southern Ocean upwelling that result from99

and compensate AMOC changes only becomes important on longer timescales. Here,100

we extend these results by resolving separate Indian and Pacific basins, and show that the101

Indo-Pacific northward surface transport response occurs almost exclusively in the Indian102

Ocean. This northward transport anomaly raises Indian Ocean sea level and weakens the103

ITF. We illustrate the key dynamics using a 1.5-layer reduced gravity model in Section 2.104

Since the reduced gravity model makes a number of simplifications and omits important105

physical components of the global ocean overturning circulation, we also explore whether106

the proposed dynamics are a robust feature of the ocean circulation in a more comprehen-107

sive general circulation model (GCM) simulation in Section 3. We diagnose how much of108

the ITF weakening in the 21st century can be explained by AMOC changes and discuss109

the inter-model spread in the Coupled Model Intercomparison Project, phase 6 (CMIP6)110

[Eyring et al., 2016] in Section 4. A brief summary is provided in Section 5.111

2 Basin transport responses: reduced gravity model112

2.1 Model and experiment descriptions113

The 1.5-layer reduced gravity model is an idealized representation of the upper114

branch of the global ocean overturning circulation, defined as the layer above the isopycnal115

that separates Intermediate Water from Deep Water (see schematic in Figure 1a). Reduced116
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gravity models have proven to be useful tools in guiding theoretical understanding of the117

controls on the large-scale ocean circulation [e.g., Johnson and Marshall, 2004; Allison118

et al., 2011; Sun et al., 2020].119

The model domain includes three idealized ocean basins representative of the At-120

lantic, Indian, and Pacific. The total longitudinal extent is 220◦ wide, and it extends from121

72◦S to 72◦N in latitude. The Southern Ocean is represented by a zonally re-entrant chan-122

nel between 45◦S and the southern boundary. A 5◦ (∼ 550 km) opening near the equa-123

tor represents the low-latitude passages that connect the Indo-Pacific basins. The results124

discussed in this paper are not sensitive to the width of the ITF, remaining essentially un-125

changed in a simulation with a 3◦-wide channel. The model is forced at the surface by126

a zonally-uniform wind stress (Figure 1b). The model evolves the upper layer thickness,127

h(x, y, t), and is discretized on a B-Grid with a horizontal resolution of 1◦ × 1◦. Lateral128

mixing by mesoscale eddies is parameterized as a layer thickness diffusion with diffusivity129

KGM = 1000 m2 s−1 [Gent and Mcwilliams, 1990]. Interior diapycnal mixing is parameter-130

ized as a diapycnal upwelling velocity, wdiap = κ/h, with κ = 2.0 × 10−5 m2 s−1. Surface131

water mass transformation in the Southern Ocean is represented as a relaxation of the up-132

per layer thickness to 10 m in the hatched area close to the southern boundary (Figure 1a).133

The relaxation timescale increases from 10 days at the southern boundary to 100 days at134

62◦S. The formation of North Atlantic Deep Water (NADW) is represented as a prescribed135

constant downwelling velocity, wNADW, in the hatched area close to the northern boundary136

(Figure 1a). Details of the model, including the evolution equations and definitions of the137

transport components, are provided in the supporting information Text S1, as well as in138

Sun et al. [2020].139

As a control simulation, we prescribe a 12 Sv NADW formation rate, TNADW [Eq. (S5)],140

and evolve h for 3000 years to achieve an approximately steady state, defined as global-141

mean upper-layer thickness changes less than 1 m over 100 years. In this equilibrium142

state, meridional transports across 30◦S [Eq. (S6)] have the following magnitudes in each143

basin: Atlantic, TATL = 11.1 Sv; Indian, TIND = −14.2 Sv; and Pacific TPAC = 12.4 Sv,144

where positive values are northward. A majority of the 12 Sv NADW formation is bal-145

anced by Southern Ocean water mass transformation, which is approximately equal to146

TATL + TIND + TPAC = 9.3 Sv, with the remaining due to interior diapycnal upwelling.147

This partitioning is consistent with the current understanding of the global ocean overturn-148

ing circulation [e.g., Marshall and Speer, 2012; Cessi, 2019]. The equilibrium state also149
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supports an ITF transport (TITF) of 13.7 Sv [Eq. (S7); positive westward]. This value is150

consistent with the estimated zonal ITF transport that would arise from the Island Rule151

considerations based on the model’s wind stress (supporting information Text S2).152

Using the control run as initial conditions, we conduct two types of simulations in153

which NADW formation is modified to represent changes in the North Atlantic surface154

forcing. In the first experiment, we reduce the NADW formation rate, TNADW, from 12 Sv155

in the control run to 8 Sv and hold it constant, to explore the dynamical processes in-156

volved in the overturning circulation’s adjustment to this perturbation. In the second set157

of experiments, we impose time-dependent perturbations to the NADW formation rate. We158

will focus on the first simulation and briefly discuss the others in Section 2.2.159

2.2 Response of the ITF to NADW perturbations169

An abrupt, step-change, reduction in NADW formation rate leads to a local deepen-170

ing of the layer interface h in the high-latitude North Atlantic. This interface deepening171

signal propagates equatorward along the western boundary, eastward along the equator,172

and poleward (both north and south) along the eastern boundary. In the southern hemi-173

sphere, the deepening signal moves eastward around the southern tip of the continent into174

the Indo-Pacific basins (red lines in Figure S1) [e.g., Huang et al., 2000; Sun et al., 2020,175

their Fig. 5b]. Here, we focus on the response of the meridional transport across 30◦S in176

each basin. This geostrophic transport is supported by a change in interface depth between177

the western and eastern boundaries [e.g., Jones and Cessi, 2016; Thompson et al., 2016;178

Ferrari et al., 2017].179

Kelvin waves propagating from the North Atlantic deepen the interface on the east-180

ern boundary of the South Atlantic, which produces a southward transport anomaly across181

30◦S in the Atlantic Ocean, δTATL < 0 (Figure 2a, b). In contrast, the deepening of the182

interface on the western boundary of the Indian Ocean produces a northward transport183

anomaly in the Indian Ocean, δTIND > 0, which is mainly confined to the western bound-184

ary current (Figure 2a, b). Due to the low-latitude Indo-Pacific passage, the Indian Ocean185

eastern boundary and the Pacific eastern boundary at 30◦S are connected by Kelvin waves186

that propagate along the eastern boundaries and the equator, where viscous dissipation can187

be neglected. The Kelvin waves allow the interface depth on the eastern boundaries of188

both the Indian and Pacific Oceans to evolve similarly, such that the transport across 30◦S189

–7–



Confidential manuscript submitted to Geophysical Research Letters

25 50 75 100 125 150 175 200

Longitude (deg)

30

20

10

0

In
te

rf
ac

e
d

ep
th

an
om

al
y

at
30
◦ S

(m
)

Atlantic Indian Pacific

(a)

Year 1

Year 5

Year 10

Year 25

Year 45

−50 0 50 100 150 200 250

Longitude (deg)

0.0

0.5

1.0

1.5

2.0

2.5

3.0

3.5

4.0

D
ep

th
(k

m
)

Atlantic Indian Pacific

(c)

−0.56

−0.48

−0.40

−0.32

−0.24

−0.16

−0.08

0.00

0.08

(kg
m
−

3)

30 35

1

2

0 50
−4

−3

−2

−1

0

1

2

T
ra

n
sp

or
t

re
sp

on
se

(S
v)

(b)

500 1000 1500 2000 2500 3000

Years

Atlantic

Indian

Pacific

ITF

0 50 100 150 200 250

Years

−6

−4

−2

0

2

4

6

8

T
ra

n
sp

or
t

an
om

al
y

(S
v)

Reduced gravity model

CCSM4
(d)

Atlantic

Indian

Pacific

ITF

Figure 2. Response of the isopycnal structure and overturning circulation to surface perturbations in the

(top) 1.5-layer reduced gravity model and (bottom) CCSM4 abrupt 4xCO2 experiments. (a) Evolution of

the layer interface depth anomaly at 30◦S after the forcing perturbation. (b) Variations of the meridional

volume transport (Sv) across 30◦S in the Atlantic (blue, δTATL), Indian (orange, δTIND), and Pacific (green,

δTPAC), as well as the ITF transport (red, δTITF). (c) In-situ density anomaly along 30◦S 50-years after the

CO2 quadrupling in CCSM4. The inset highlights the density anomaly at the western boundary of the Indian

Ocean. (d) Volume transport anomaly (Sv) in the CCSM4 4xCO2 experiment in the upper 800 m relative

to the CCSM4 preindustrial run. The transport has been smoothed by a five-year running mean to suppress

interannual variability.
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in the Pacific Ocean remains approximately constant in response to NADW perturbations,190

i.e., δTPAC ≈ 0. This invariant response of the Pacific transport is also consistent with191

the Island Rule, in which TPAC is constrained by the constant wind stress forcing in the192

reduced gravity model (Text S2 in the supporting information). Therefore, there is a con-193

vergence of volume transport into the upper layer of the Indo-Pacific, which is balanced194

by a deepening of the interface, [e.g., Figure 2a; Eq. (S12) in the supporting information].195

At timescales longer than the Rossby wave propagation across the Indo-Pacific basin,196

the interface deepens at roughly the same rate in the Indian and Pacific Oceans, which197

implies that the changes in ITF transport, δTITF, are linearly proportional to the Indian198

Ocean transport response, δTIND. This can be expressed as,199

δTITF ≈ −r δTIND, (1)

with the ratio r determined by the basin areas (Figure S2a),200

r =
SPAC

SIND + SPAC
. (2)

Here SIND and SPAC denote the horizontal area of the Indian and Pacific basins (see deriva-201

tion in Text S2). Values of this ratio are r ≈ 0.76 and r ≈ 0.70 for the reduced grav-202

ity model and the real ocean, respectively. On decadal to centennial timescales, Sun et al.203

[2020] showed that the Indo-Pacific transport compensates around 80% the Atlantic changes,204

i.e., −(δTIND + δTPAC)/δTATL ≈ 0.8. Therefore, with δTPAC ≈ 0 from above, Equation (1)205

predicts that the ITF response should be 0.61 times the AMOC changes in the reduced206

gravity model and 0.56 of the AMOC changes in the real ocean.207

The overturning circulation response intensifies over the first two decades, associated208

with the spin-up of a gyre circulation in the North Atlantic linked to the NADW pertur-209

bation (Figure 2b) [Sun et al., 2020]. During this fast response, the Indian Ocean trans-210

port anomaly compensates much of the Atlantic changes (Figure S2b), with the ITF trans-211

port response relative to the Atlantic changes δTIND/δTATL close to 0.6 (Figure S2c). The212

fast response on decadal timescales is followed by a slower adjustment, over millennial213

timescales, during which the Atlantic southward transport anomaly continues to increase214

(AMOC continues to weaken), but the Indian northward transport anomaly and the ITF215

transport anomaly weaken (ITF strengthens) (Figure 2b and Figure S2). As a result, both216

the transient inter-basin compensation, −δTIND/δTATL, and δTITF/δTATL decay (Figure S2).217

This occurs because the continuous deepening of the upper layer interface on centennial to218
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millennial timescales steepens the interface slope across the Southern Ocean, producing an219

anomalous southward eddy transport in this region [Sun et al., 2020]. The slow Southern220

Ocean response eventually relieves the burden on the Indo-Pacific to accommodate At-221

lantic overturning changes, causing the Indo-Pacific to yield some of the transport changes222

from its peak response. Approaching equilibrium, both the ITF transport and transport223

into the Indian Ocean eventually recover their values from the control run (Figure 2b; Text224

S2).225

In Text S3 of the supporting information, we describe a separate set of simulations226

with time-dependent NADW formation rates. Consistent with the above discussion, we227

show that both the transient inter-basin compensation level and the relative amplitude of228

the ITF transport anomaly decreases as the NADW forcing period increases (Figures S3,229

S4, and S5). Given that the ITF is strongly affected by processes local to the Indo-Pacific230

basin on decadal and shorter timescales [e.g., Godfrey, 1996; Feng et al., 2018], we sug-231

gest that the imprint of AMOC variability on ITF transport is most pronounced on centen-232

nial timescales.233

3 Reduced gravity model-GCM comparison244

Despite the idealized nature of the reduced gravity model, the physical processes245

linking changes in the AMOC to the ITF discussed above appears to be also relevant in246

more realistic ocean simulations. Specifically, we compare the reduced gravity model to247

output from an abrupt CO2 quadrupling (4xCO2) experiment by the NCAR Community248

Climate System Model, version 4 [CCSM4, Gent et al., 2011], as part of CMIP5 [CMIP5,249

Taylor et al., 2012]. The CCSM4 4xCO2 experiment is initialized from an approximately250

equilibrated CCSM4 preindustrial run at year 1850, but with the atmospheric CO2 instan-251

taneously quadrupled. Both the preindustrial and the 4xCO2 simulations are continued252

from 1850 for another 250 years. Throughout this section, we show the difference between253

the 4xCO2 experiment and the preindustrial run.254

Following Sun et al. [2020], we quantify the AMOC strength at 30◦S as the maxi-255

mum value of the residual-mean overturning circulation streamfunction at that latitude in256

the Atlantic Ocean. In order to highlight inter-basin exchange, we focus on the AMOC257

strength at 30◦S rather than in the North Atlantic, although the latter is more commonly258

used in the literature [e.g., Cheng et al., 2013]. We calculate the ITF transport as the dif-259
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ference in the barotropic streamfunction between the coast of southeast Asia and north-260

west Australia, which is equal to the total volume transport through all the passages that261

connect the Indian and Pacific Oceans. We also quantify the surface meridional transport262

across 30◦S in each of the three basins as263

Ti =
∫ 0

zd

∫ xei

xwi

v dx dz, (3)

where the subscript i indicates the basin, zd = 800 m is approximately the maximum264

depth that connects the Indo-Pacific basins through the ITF passage in this model, xw and265

xe represent the western and eastern boundary in each basin, and v represents the residual266

velocity that includes both the Eulerian-mean velocity and the parameterized eddy bolus267

velocity.268

In response to the abrupt CO2 quadrupling, the AMOC weakens roughly from 20 Sv269

to 12 Sv during the first 100 years, followed by a partial recovery to around 16 Sv during270

the next 150 years (red line in Figure 3a). Consistent with the AMOC influencing the ITF,271

the ITF transport co-varies with the AMOC on centennial timescales (Figure 3a). The272

ITF also undergoes strong interannual and decadal fluctuations, likely forced by local pro-273

cesses (e.g., surface forcing) within the Indo-Pacific basin [e.g., Godfrey, 1996; Feng et al.,274

2018]. The ratio of ITF to AMOC transport changes is 0.51 (inset of Figure 3a), slightly275

lower than the estimated 0.56 from the reduced gravity model in Section 2.2. This over-276

estimate in the reduced gravity model is likely related to the deeper depth of the AMOC277

maximum streamfunction as compared to the ITF, which is not resolved by the 1.5-layer278

model. We carry out an additional reduced gravity model simulation, in which we pre-279

scribe the NADW formation rate [Eq. (S12)] using the maximum value of the AMOC280

streamfunction in the North Atlantic below 500 m in the CCSM4 abrupt 4xCO2 exper-281

iment. The ITF volume transport anomaly from this reduced gravity model simulation282

(gray dash-dotted line in Figure 3a) largely reproduces the centennial ITF changes in the283

CCSM4 abrupt 4xCO2 experiment (blue line in Figure 3a).284

The similar isopycnal structure between the CCSM4 and the reduced gravity model285

simulations provides confidence that the ITF is connected to AMOC changes via the same286

dynamical processes discussed in Section 2.2 (Figures 2 and S6). Associated with the287

weakened AMOC following the CO2 quadrupling, the density anomaly along 30◦S in the288

Atlantic Ocean between 1-3 km depths has a zonal gradient consistent with a deepening289

of isopycnals on the eastern boundary (Figure 2c) and an anomalous southward surface290
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transport (blue line in Figure 2d). This isopycnal deepening signal on the eastern bound-291

ary radiates into the interior via Rossby Waves on decadal timescales and causes isopycnal292

deepening in the Atlantic interior that weakens westward (Figure 2a and c). Consistent293

with the propagation of coastal Kelvin waves into the Indian Ocean, the density anomaly294

along 30◦S in the Indian Ocean has a strong zonal gradient that is largely confined to the295

western boundary (inset of Figure 2c), associated with an anomalous northward surface296

transport (orange line in Figure 2d). In contrast, there are only weak gradients in density297

anomaly in the Pacific, as constrained by the basin-scale wind stress forcing through the298

Island Rule (Figure S7).299

With an approximately invariant surface meridional transport across the southern300

boundary in the Pacific (green line in Figure 3d) and a response in the Bering Strait trans-301

port by less than 0.5 Sv in CCSM4, the centennial changes in the ITF transport can only302

be balanced by a change in the Pacific upwelling based on volume conservation. Previ-303

ous studies have attributed this change in the Pacific upwelling to diapycnal processes304

[Sen Gupta et al., 2016; Feng et al., 2017]. However, in the reduced gravity model, the305

reduced ITF transport is mainly balanced by an adiabatic deepening of the interface in306

the Pacific (Eq. S12). In the CCSM4 experiment we perform a similar assessment by307

partitioning the changes in the Pacific upwelling (w) into an adiabatic component due to308

isopycnal movement (wisop) and a diabatic component due to changes in diapycnal mixing309

(wdiap):310

w = wisop + wdiap, (4)

where311

wisop = −
∂b/∂t
∂b/∂z

(5)

and312

wdiap =
∂

∂z

(
κ
∂b
∂z

)/
∂b
∂z

, (6)

with b the buoyancy of seawater and κ diapycnal diffusivity (see details in Text S4). Con-313

sistent with the reduced gravity model, we find that the changes in the Pacific upwelling314

needed to balance the ITF changes are approximately equal to the adiabatic components315

at 800 m depth (Figure 3b). The adiabatic component exceeds the diabatic component316

throughout the water column, and the latter makes a significant contributions only at depths317

greater than 1500 m. This suggests that much of the subsurface changes in tracer (e.g.,318

temperature and salinity) distributions on centennial timescales can be attributed to hori-319
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Figure 4. Changes in AMOC strength at 30◦S (δTAMOC) and ITF volume transport (δTITF) between 2015-

2024 and 2091-2100 in CMIP6 simulations under the high-end emission scenario (“SSP585”). For each

model, the ensemble mean is calculated. The gray thin lines are contours of 0.5δTAMOC/δTITF in percentage

and indicates how much of the ITF transport changes can be explained by the AMOC alone.

323

324

325

326

zontal inter-basin exchanges rather than mixing between different water masses in the ver-320

tical [e.g., Huang, 2015].321

4 ITF and AMOC changes in CMIP6322

Both the reduced gravity model and CCSM4 4xCO2 experiment highlight the con-327

nections between the AMOC and ITF on centennial timescales. In response to a weakened328

AMOC, our results suggest a decline in the ITF transport (δTITF) that is around half of the329

AMOC strength changes (δTAMOC), i.e., δTITF ≈ 0.5δTAMOC (Figure 3a). Now we use this330

relationship to estimate how much of the ITF weakening during the 21st century can be331

explained by the AMOC changes by examining the CMIP6 simulations under the high-end332

emission scenario (“SSP585”).333

In response to the increasing greenhouse gas forcing, both the AMOC and ITF trans-334

ports weaken between 2015-2100 (Figures S8 and S9) in all the CMIP6 models. Yet,335
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these changes in AMOC strength and ITF transport, diagnosed as a difference between336

2015-2024 and 2091-2100 (Figure 4), have significant inter-model spread among the 15337

CMIP6 models analyzed in this study. The AMOC changes explain around 100% of the338

ITF transport weakening during the 21st century in five models, but this percentage is only339

around 40% in the other models (Figure 4). This inter-model spread implies differences340

in their simulated surface forcing changes, which account for additional changes to the341

ITF transport. For example, Sen Gupta et al. [2016] show that there is a strong inter-model342

spread in wind changes in CMIP5, such that a portion of the centennial changes in the343

ITF transport may be explained by the wind. While application of the Island Rule should344

help with the attribution of changes in the ITF transport to wind stress variations, in prac-345

tice, we found that due to the complicated continental geometry and bathymetry in the346

GCMs, the results are highly sensitive to small changes in the integral path. We leave a347

detailed analysis of this sensitivity to future work.348

5 Summary and discussion349

Climate models consistently project a robust weakening in the AMOC and the ITF350

during the 21st century in response to greenhouse gas forcing. Here we propose that the351

ITF is dynamically linked to the AMOC, and the latter is a primary driver of changes in352

ITF transport on centennial timescales. In a previous study, Sun et al. [2020] showed that353

there is a transient overturning compensation between the Atlantic and Indo-Pacific basins.354

In a warming climate, the AMOC weakens, but the Indo-Pacific develops an opposing355

overturning circulation anomaly, characterized by an anomalous northward surface trans-356

port. This earlier study neglected the potential for low-latitude exchange between the In-357

dian and Pacific basins and the key role of the ITF. By resolving this additional transport358

pathway, we show that the Indo-Pacific northward surface transport anomaly is almost ex-359

clusively confined to the Indian Ocean. The Pacific surface transport is instead constrained360

by the basin-scale wind stress through the Island Rule. This asymmetry in surface trans-361

port between the Indian and Pacific basins has a direct impact on the zonal sea surface362

height differences between basins, a mechanism that explains the weakening ITF. This363

asymmetry is also important for constraining oceanic heat and dissolved gas budgets as364

transport into the northern basins across 30◦S is fed by Antarctic Intermediate Waters re-365

sponsible for significant uptake of heat [Armour et al., 2016] and carbon dioxide [Gruber366

et al., 2019].367
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This transient version of the ocean’s conveyor belt circulation provides an oceanic368

pathway for changes in the high-latitude North Atlantic to affect the low-latitude Indo-369

Pacific, a teleconnection that could play an important role in regulating the climate sys-370

tem. In response to reduced NADW formation, a reduced ITF transport converges more371

heat into the Pacific Ocean [e.g., Garuba and Klinger, 2016]. Effectively, a weakened ITF372

and the associated deepening of the isopycnals in the Pacific basin provides more heat373

below the mixed layer that could modify the tropical atmosphere-ocean interactions and374

boost occurrence of extreme El Niño/La Niña events [e.g., Cai et al., 2015].375

Our results suggest an ITF transport response that is around half of the AMOC376

changes. An intriguing corollary of this relationship is the potential to use the ITF [e.g.,377

Susanto and Song, 2015] to monitor or interpret long-term trends in the overturning cir-378

culation. However, a diagnosis of the CMIP6 simulations find an inter-model spread with379

regard to the relative magnitude of the ITF’s weakening in response to AMOC changes380

during the 21st century. While this study has emphasized the dynamics that enable remote381

forcing to influence the ITF, the relative importance of local (e.g., wind and surface buoy-382

ancy forcing) and remote processes, and why they might differ between models, requires383

further study.384
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Introduction

This supporting information comprises three sections of text and nine figures. In
Text S1, we describe the 1.5-layer reduced gravity model in detail [see also Sun et al.,
2020]. In Text S2, we derive the Island Rule constraints on the Indo-Pacific responses.
In Text S3, we discuss the partitioning of the Pacific upwelling into adiabatic and diabatic
components.

Text S1. Description of the 1.5-layer reduced gravity model

The momentum equation of the 1.5-layer reduced gravity model is given by

∂ ®u
∂t
+ ( f + ζ)®k × ®u = −∇

(
g′h +

1
2
| ®u|2

)
+ Ah∇

2 ®u +
®τ

ρ0h
, (S1)

where ®u = (u, v) is the horizontal velocity vector, ®k is the unit vector in the vertical di-
rection, f (s−1) is the latitude-dependent Coriolis parameter, ζ = ®k · ∇ × ®u is the relative
vorticity, g′ = 0.02 m s−2 is the reduced gravity, Ah = 1 × 104 m2s−1 is horizontal viscosity,
®τ (N m−2) is the wind stress, ρ0 = 1035 kg m−3 is the reference density, and h (m) is the
interface depth as a function of space and time.

The volume conservation equation is given by
∂h
∂t
+ ∇ · (h®u) = ∇ · (KGM∇h) + wdiap + wrelax + wNADW, (S2)

where KGM = 1000 m2s−1 is the eddy thickness diffusivity that represents unresolved
mesoscale eddies; wdiap is the interior diapycnal velocity,

wdiap =
κ

h
, (S3)

with κ = 2.0 × 10−5m2s−1; wNADW is a constant velocity specified over the northernmost
5-degree latitude in the North Atlantic and represents NADW formation (Figure 1a); and
wrelax is a simplified representation of water mass transformation in the Southern Ocean,
which is expressed as a relaxation to a constant interface depth of hc = 10 m,

wrelax = λ(hc − h). (S4)

The relaxation is implemented in the southernmost 10 degrees of latitude with the relax-
ation timescale λ−1 increasing northward linearly from 10 days at the southern boundary

Corresponding author: Shantong Sun, shantong@caltech.edu

–1–



Confidential manuscript submitted to Geophysical Research Letters

(72◦S) to 100 days at 62◦S (Figure 1a). This relaxation in the Southern Ocean essentially
fixes the outcropping latitude of the interface. A fast relaxation with λ−1 = 1 hr is also
included wherever the interface depth is less than hc in order to avoid negative upper layer
thickness. The model is integrated forward using the 3rd order Adams-Bashforth method.

In the control run, we have an NADW formation rate of

TNADW = −
∬

NADW
wNADW dS = 12Sv, (S5)

where the above integration is performed over the hatched are in the North Atlantic (Fig-
ure 1a).

Following Sun et al. [2020], we quantify the overturning circulation response in
the reduced gravity model with the residual-mean volume transport across the southern
boundary (30◦S) of each basin (positive means northward)

Ti ≡
∫ xei

xwi

(
vh − KGM

∂h
∂y

)
dx, (S6)

where the subscript i indicates the basin over which the integration is calculated (“ATL”
for Atlantic, “IND” for Indian, “PAC” for Pacific), xwi and xei represents the longitudinal
location of the basin’s western boundary and eastern boundary, respectively.

Similarly, we calculate the ITF transport (positive means from the Pacific into the
Indian) as the residual transport across 120◦E in the reduced gravity model,

TITF = −

∫ y2

y1

(
uh − KGM

∂h
∂x

)
dy, (S7)

where y1 and y2 represent the southern and northern boundary of the ITF passage.

Text S2: Island Rule constraints on the Indo-Pacific responses

Here we describe the Island Rule, which was first derived by Godfrey [1989]. We
show that the Island Rule imposes a constraint on the meridional transport across the
southern boundary of the Pacific Ocean. Due to the opening of the ITF passage in the
equatorial region, we can draw a closed contour (red dotted contour in Figure 1a) that
connects the eastern boundaries of the Pacific Ocean and the Indian Ocean. Integration
of the momentum equation [Eq. (S1)] along this closed path in the anticlockwise direction
gives

∂

∂t

∮
C

®u · ®s dl +
∮
C

( f + ζ)®u · ®n dl =
∮
C

Ah∇
2 ®u · ®s dl +

∮
C

®τ

ρ0h
· ®s dl, (S8)

where C represents the integration path (red contour in Figure 1a), ®s is the unit vector
along the counter C, and ®n is the outward unit normal vector to the contour C. Consider
the large-scale circulation for timescales longer than gostrophic adjustment, the tendency
term and the nonlinear term can be neglected from Eq. (S8). The dissipation term is also
small in the ocean interior and along eastern boundaries. Thus Eq. (S8) is reduced to be a
two-term balance ∮

C

f ®u · ®n dl ≈
∮
C

®τ

ρ0h
· ®s dl . (S9)

This equation describes a vorticity balance between (left) the planetary vorticity advection
across the closed contour C and (right) the vorticity input by the surface wind stress over
the area bounded by C.

We further assume that the spatial variations in h are small compared to the basin-
average value, H, such that h ≈ H, and note that the northern boundary of the contour C
is drawn along the equator, where f = 0, we can rewrite the above equation as

TIR ≈ −
1

ρ0 fS

∮
C

®τ · ®sdl . (S10)
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Here, fS is the Coriolis parameter at the southern boundary of the Pacific Ocean, and TIR
is the Eulerian-mean volume transport across the southern boundary of the Pacific Ocean,

TIR =

∫ xe

xw
vh dx ≈

∫ xe

xw
vH dl, (S11)

where xw and xe represent the western and eastern boundaries of the Pacific Ocean. Note
that TIR differs from the residual-mean volume transport across the southern boundary of
the Pacific Ocean, TPAC, by the eddy contribution. Using the wind stress in Figure 1b and
fS at 30◦S, we estimate that TIR = 11.4 Sv from Eq. (S10), which is close to TPAC in the
control run.

In the perturbation run, we kept the wind stress forcing constant. The Island Rule
[Eq. (S10)] suggests that the transport across the southern boundary of the Pacific Ocean
should largely remain unchanged, as confirmed in Figure 2b in the main text.

Now we show that the approximately constant Pacific transport, TPAC, exerts a con-
straints on the relationship between the ITF transport response δTITF and the Indian Ocean
transport response, δTIND. Integrating the volume conservation equation [Eq. (S2)] over
the Indian and Pacific basins separately, we have,

∂

∂t
hIND ≈

1
SIND

(δTIND + δTITF) , (S12a)

∂

∂t
hPAC ≈

1
SPAC

(δTPAC − δTITF) (S12b)

≈ −
1

SPAC
δTITF,

where hIND and hPAC are the basin-average interface depth in the Indian and Pacific basins,
respectively. Here, we have subtracted the control run and neglected the changes in the in-
terior diapycnal upwelling, which is small. Beyond decdal timescales, as determined by
the timescale for Rossby waves to cross the basin, hIND and hPAC evolve at approximately
the same rate. Therefore, we have

1
SIND

(δTIND + δTITF) ≈ −
1

SPAC
δTITF, (S13)

i.e.,
δTITF ≈ −

SPAC
SPAC + SIND

δTIND, (S14)

which is Eq. (1) in the main text. Therefore, the ITF response δTITF is linearly propor-
tional to the Indian transport response δTIND, with the ratio of the two determined by the
area of the Indian Ocean and the Pacific Ocean (Figure S2a).

In steady state, ∂hIND/∂t = 0 and ∂hPAC/∂t = 0. Equation (S12) suggests that
δTIND ≈ 0 and δTITF ≈ 0, that is, the ITF transport and the Indian Ocean transport approxi-
mately recover their control run at equilibrium (Figure 2b).

Text S3: Response of the ITF to time-dependent NADW perturbation

The transient AMOC response to surface forcing perturbations occurs over a range
of timescales [e.g., Otto-Bliesner and Brady, 2010]. Here, we describe a separate set of
simulations with time-dependent NADW formation rates following [Sun et al., 2020],

TNADW(t) = [12 + 4 sin(ωt)]Sv, (S15)

where ω is the forcing frequency. We present the overturning circulation response to a
NADW formation rate that has a forcing period 2π/ω=500 years in Figure S3. Through
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the same wave processes as discussed in Section 2.2 (compare Figure S4 and Figure S1),
there is a strong transient inter-basin overturning compensation between the Atlantic and
the Indo-Pacific [Sun et al., 2020]. Due to the Island Rule constraints on the Pacific basin
meridional transport, the Indo-Pacific response is largely confined to the Indian Ocean.
Consequently, ITF transport varies in phase with AMOC changes, with an amplitude that
is around 0.57 times the AMOC anomalies (Figure S3b). Both the transient inter-basin
compensation level and the relative amplitude of the ITF transport anomaly decreases
as the forcing period 2π/ω increases (Figure S5), consistent with the discussion in Sec-
tion 2.2. Given that the ITF is strongly affected by processes local to the Indo-Pacific
basin on decadal and shorter timescales [e.g., Godfrey, 1996; Feng et al., 2018], we sug-
gest that the imprint of AMOC variability on ITF transport is most pronounced on centen-
nial timescales.

Text S4: Pacific upwelling

Because centennial variations in the surface transport across the southern bound-
ary in the Pacific Ocean are weak (green line in Figure 2), centennial changes in the ITF
transport can only be balanced by variations in the Pacific upwelling at the ITF depth
(Figure 3), which is found at roughly 800 m depth in CCSM4. Here we show that the
Pacific upwelling changes are mainly due to isopycnal movement, which is an adiabatic
process, consistent with the reduced gravity model.

Consider the buoyancy equation,

∂b
∂t
+ w

∂b
∂z
=

∂

∂z

(
κ
∂b
∂z

)
, (S16)

where the horizontal advection and horizontal diffusion have been neglected, b is the
buoyancy of seawater, w is vertical velocity, and κ is the diapycnal diffusivity. In steady
state, the tendency terms is zero and Eq. (S16) becomes the classical “abyssal recipe” bal-
ance [Munk, 1966].

For a transient response where steady conditions do not hold, we can decompose the
upwelling velocity w into two terms

w = wisop + wdiap, (S17)

where
wisop = −

∂b/∂t
∂b/∂z

, (S18)

represents the adiabatic isopycnal movement, and

wdiap =
∂

∂z

(
κ
∂b
∂z

)/
∂b
∂z

. (S19)

Equations (S17)-(S19) are Equation (5)-(7) in the main text. In practice, we calculate the
net Pacific upwelling rate, Ttotal ≡

∬
PAC wdS, in isopycnal coordinates from the conver-

gence of horizontal volume transport into the Pacific basin below an isopycnal surface,
and we can estimate the net upwelling rate due to isopycnal movement, Tisop ≡

∬
PAC wisopdS,

from the changes in the volume above an isopycnal surface in the Pacific basin. We then
map Ttotal and Tisop to depth coordinates. In Figure S3b, we show the Pacific upwelling
at around 800 m and find the upwelling is mainly due to adiabatic isopycnal movement,
wisop. The diapycnal contribution becomes significant only for depths below 1500 m, but
even at these greater depths it remains smaller than the isopycnal component.

–4–



Confidential manuscript submitted to Geophysical Research Letters

0 25 50 75 100 125 150 175 200

Longitude (deg)

−60

−40

−20

0

20

40

60
L

at
it

u
d

e
(d

eg
)

(a) 50 days

25 50 75 100 125 150 175 200

Longitude (deg)

−60

−40

−20

0

20

40

60

L
at

it
u

d
e

(d
eg

)

(b) 100 days

25 50 75 100 125 150 175 200

Longitude (deg)

−60

−40

−20

0

20

40

60

L
at

it
u

d
e

(d
eg

)

(c) 150 days

25 50 75 100 125 150 175 200

Longitude (deg)

−60

−40

−20

0

20

40

60

L
at

it
u

d
e

(d
eg

)

(d) 250 days

−10.00

−5.00

−2.00

−1.00

−0.01

0.01

0.03

0.05

0.07

0.09

0.20

0.40

0.60

0.80

1.00

1.20

10.00
(m

)

Figure S1. Evolution of interface anomaly after an abrupt 4 Sv reduction in NADW formation rate in the
reduced gravity model. The propagation pathway of Kelvin waves from the North Atlantic into the Indo-
Pacific is indicated in (a) as red lines with arrows. The four panels show the interface depth anomaly (a) 50
days, (b) 100 days, (c) 150 days, and (d) 250 days after the NADW perturbation.
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Figure S2. Overturning circulation response to an abrupt 4 Sv reduction in the NADW formation rate in
the reduced gravity model. (a) Scatter plot of the ITF response versus the Indian Ocean transport response.
(b) Scatter plot of the Indian Ocean transport response vs the Atlantic response. (c) Scatter plot of the ITF
response versus the Atlantic transport response. Each dot represents a snapshot model output every month,
with the number of years since the NADW perturbation indicated with the color. The gray straight line in (a)
represents the prediction from Eq. (S14). The gray lines in (b) represents contours of −δTIND/δTATL. The
gray lines in (c) represents contours of δTITF/δTATL
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Figure S3. Overturning circulation response to a 500-year periodic 4 Sv perturbation to the NADW for-
mation rate in the reduced gravity model. (a) Variations of the meridional transport anomaly across 30◦S
in the Atlantic (blue), Indian (orange), and Pacific (green), as well as the ITF transport response. (b) Scatter
plot of the ITF transport vs the Indian transport response. (c) Scatter plot of the Indian transport response vs
the Atlantic transport response. The absolute value of the slope indicates the level of the transient inter-basin
compensation. (d) Scatter plot of the ITF transport vs the Atlantic transport response. The color of the scatter
plot represents time. The gray straight line in panels (b,c,d) represents the slope of the scatter plot, calculated
with the least square regression.
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Figure S4. Deepening of the interface from year 300 to 302 in response to a gradual weakening of the
NADW formation rate in the reduced gravity model from Figure S3.
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Figure S5. Variations of the slope of the ITF transport response vs the Atlantic responses (blue), as well
as transient inter-basin compensation (orange), as a function of the forcing period 2π/ω. The transient inter-
basin compensation is calculated as the slope of −δTIND vs δTATL with the least square regression, i.e., the
absolute value of the slope in Figure S3c. Each dot represents a simulation that is run for at least two com-
plete forcing cycles, with the slope calculated using output from the last forcing cycle.
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Figure S6. Deepening of the isopycnals (σ2; potential density referenced to 2000 dbar) in response to CO2

quadrupling in the Atlantic Ocean after (a) 25 years, (b) 50 years, (c) 75 years, and (d) 100 years. The annual
and zonal mean depth of isopycnals at each latitude are defined following Sun et al. [2018, their Eq. (2)]. The
isopycnal deepening is calculated in comparison to the preindustrial control and remapped to depth coordinate
using the isopycnal depth in the preindustrial control run.

100 125 150 175 200 225 250 275 300

Longitude (deg)

°40

°30

°20

°10

0

10

L
at

it
u
d
e

(d
eg

)

(a) øx in PI

100 125 150 175 200 225 250 275 300

Longitude (deg)

°40

°30

°20

°10

0

10

L
at

it
u
d
e

(d
eg

)

(b) øx change

100 125 150 175 200 225 250 275 300

Longitude (deg)

°40

°30

°20

°10

0

10

L
at

it
u
d
e

(d
eg

)

(c) øy in PI

100 125 150 175 200 225 250 275 300

Longitude (deg)

°40

°30

°20

°10

0

10

L
at

it
u
d
e

(d
eg

)

(d) øy change

°0.95

°0.75

°0.55

°0.35

°0.15

0.05

0.25

0.45

0.65

0.85

(£
10

°
1N

m
°

2)

Figure S7. Response of the surface wind stress forcing to CO2 quadrupling over the southern Pacific Ocean
in CCSM4. Left: (a) zonal and (c) meridional wind stress (×10−1N m−2 averaged between 1895-1905 in the
preindustrial (PI) run, about 50 years after the 4xCO2 experiment is started. Right: Changes in the (b) zonal
and (d) meridional wind stress over the same period in response to CO2 quadrupling. The green contour with
arrow indicates the integral path for the Island Rule in CCSM4.
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Figure S8. Variations of the AMOC strength evaluated at 30◦S in the CMIP6 models under the high-end
emission scenario “SSP585”. Each panel represents a model, and each line in a panel represents an ensemble
member. The data has been smoothed using a 5-year running mean to suppress interannual variability. The
same range (max-min) for y-axis is used for each panel to show inter-model spread in the AMOC changes.
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Figure S9. Variations of the ITF volume transport in the CMIP6 models under the high-end emission sce-
nario “SSP585”. Each panel represents a model, and each line in a panel represents an ensemble member.
The data has been smoothed using a 5-year running mean to suppress interannual variability. The same range
(max-min) for y-axis is used for each panel to show inter-model spread in the ITF changes.
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